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a b s t r a c t
Multiple short-lived global warming events, known as hyperthermals, occurred during the early Eocene
(56–52 Ma). Five of these events – the Paleocene–Eocene Thermal Maximum (PETM or ETM1), H1
(or ETM2), H2, I1, and I2 – are marked by a carbon isotope excursion (CIE) within both marine and
terrestrial sediments. The magnitude of CIE, which is a function of the amount and isotopic composition
of carbon added to the ocean–atmosphere system, varies signiﬁcantly between marine versus terrestrial
substrates. Here we use the increase in carbon isotope fractionation by C3 land plants in response to
increased pCO2 to reconcile this difference and reconstruct a range of background pCO2 and peak pCO2
for each CIE, provided two potential carbon sources: methane hydrate destabilization and permafrostthawing/organic matter oxidation. Although the uncertainty on each pCO2 estimate using this approach
is low (e.g., median uncertainty = +23%/−18%), this work highlights the potential for signiﬁcant
systematic bias in the pCO2 estimate resulting from sampling resolution, substrate type, diagenesis,
and environmental change. Careful consideration of each of these factors is required especially when
applying this approach to a single marine–terrestrial CIE pair. Given these limitations, we provide an
upper estimate for background early Eocene pCO2 of 463 +248/−131 ppmv (methane hydrate scenario)
to 806 +127/−104 ppmv (permafrost-thawing/organic matter oxidation scenario). These results, which
represent the ﬁrst pCO2 proxy estimates directly tied to the Eocene hyperthermals, demonstrate that
early Eocene warmth was supported by background pCO2 less than ∼3.5× preindustrial levels and that
pCO2 > 1000 ppmv may have occurred only brieﬂy, during hyperthermal events.
© 2017 Elsevier B.V. All rights reserved.

1. Introduction
The late Paleocene to early Eocene is punctuated by a series
of rapid global warming events, known as hyperthermals (e.g.,
Nicolo et al., 2007; Kirtland Turner et al., 2014; Littler et al., 2014;
Abels et al., 2016; Lauretano et al., 2015). Five carbon isotope excursions (CIEs) coincide with these hyperthermals and are recognized in both marine and terrestrial sites (Abels et al., 2016; Chen
et al., 2014; Littler et al., 2014; Lauretano et al., 2015); these include the Paleocene–Eocene Thermal Maximum (PETM; ca. 56 Ma),
H1 (also known as ETM2; ca. 54.09 Ma), H2 (ca. 54 Ma), I1 (ca.
53.65 Ma) and I2 (ca. 53.55 Ma) (ages after Westerhold et al., 2007,
age option 2). Negative oxygen and carbon isotope excursions are
linked to each hyperthermal event, suggesting contemporaneous
warming and a large release of 13 C-depleted carbon from an exogenic carbon reservoir (Dickens et al., 1997). These hyperthermals
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are global in nature, and the CIE magnitude generally decreases
for each subsequent event (Abels et al., 2016; Chen et al., 2014;
Lauretano et al., 2015), with the exception of H2, which displays a
smaller CIE magnitude compared to both H1 and I1 (Nicolo et al.,
2007). The source of the 13 C-depleted carbon that caused the CIEs
is debated, with seaﬂoor methane release (Dickens, 2011; Lunt et
al., 2011; Nicolo et al., 2007) and permafrost-thawing/organic matter oxidation (DeConto et al., 2012) being among those proposed.
Although the rate of carbon emission might have been slower than
the current rate from the fossil fuel burning (e.g., Cui et al., 2011;
Zeebe et al., 2016), these hyperthermals are considered the best
analogues for future global warming (Abels et al., 2012; Lauretano
et al., 2015).
The magnitude of each CIE, which is modeled as being proportional to the amount of carbon released, differs between marine and terrestrial substrates for all ﬁve hyperthermals, with the
larger magnitude CIE consistently being recorded within terrestrial
substrates (e.g., Abels et al., 2016). This observation has stimulated experiments to determine what drives the larger CIE magnitude within terrestrial substrates and two hypotheses have been
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tested: 1) the marine CIE is truncated due to the dissolution of
carbonate (e.g., Stap et al., 2009; Zachos et al., 2005), and 2)
the terrestrial CIE is ampliﬁed by increased carbon isotope fractionation in response to environmental changes (i.e., precipitation,
humidity, plant functional type, and/or pCO2 ) (Abels et al., 2016;
Bowen et al., 2004; Diefendorf et al., 2010; Schouten et al., 2007;
Schubert and Jahren, 2013; Smith et al., 2007). Here we reconcile the difference between the marine and terrestrial CIEs for the
ﬁve early Eocene hyperthermals by accounting for the increased
carbon isotope fractionation by C3 land plants in response to increasing pCO2 (Schubert and Jahren, 2012). We compile marine
and terrestrial CIEs across the ﬁve early Eocene hyperthermals and
quantify the CIE offset between terrestrial and marine substrates
for each event using a Monte Carlo analysis that accounts for variability in the size of the marine and terrestrial CIEs. Because the
net change in carbon isotope fractionation measured within the
terrestrial substrates is dependent on the amount of pCO2 increase
across each event (Schubert and Jahren, 2013), we then quantify background and peak-event pCO2 for each hyperthermal event
assuming a carbon release from either seaﬂoor methane (small
change in pCO2 ) or permafrost-thawing/organic matter oxidation
(large change in pCO2 ).

 pCO2 = k ×

1.1. The effect of changing pCO2 on terrestrial carbon isotope
fractionation
Recent laboratory work growing C3 plants under controlled
environmental conditions and a wide range of pCO2 (370–4200
ppmv) demonstrated a hyperbolic relationship between pCO2 and
net carbon isotope discrimination [13 C; 13 C = (δ 13 CCO2 − δ 13 C)/
(1 + δ 13 C/1000)], where δ 13 C and δ 13 CCO2 are the carbon isotope
values of plant tissue and atmospheric CO2 , respectively (Schubert
and Jahren, 2012) (Fig. 1). For geologically brief CIEs, Schubert and
Jahren (2013) suggested that the difference between the CIE measured within terrestrial (CIEterrestrial ) and marine (CIEmarine ) substrates (i.e., CIE):

CIE = CIEterrestrial − CIEmarine

(1)

could be reconciled by the effect of pCO2 on C3 land plant carbon
isotope fractionation. For longer timespans, Diefendorf et al. (2015)
and Kohn (2016) have suggested that evolutionary changes may
negate the effect of pCO2 on C3 land plant carbon isotope fractionation. On the relatively short timespan of a CIE (<104 to 105
years), however, the effect of pCO2 on C3 land plant carbon isotope
fractionation is evidenced by the clear changes in plant 13 C value
observed across similar timescales within both organic (Schubert
and Jahren, 2013, 2015) and inorganic (Wong and Breecker, 2015;
Breecker, 2017) substrates.
2. Methods
2.1. C3 land plant pCO2 proxy
The C3 land plant pCO2 proxy is based on the observation that

13 C increases with increasing pCO2 following a hyperbolic relationship (Schubert and Jahren, 2012). pCO2 should therefore have
an underlying effect on the magnitude of any terrestrial C3 plant
based CIE. In order to calculate pCO2 across each event, we adopt
a method similar to that of Schubert and Jahren (2013), which requires the change in pCO2 ( pCO2 ) for each event to be known:

 pCO2 = pCO2(peak) − pCO2(background)

Fig. 1. The effect of pCO2 on C3 land plant carbon isotope fractionation. Field
(circles) and chamber experiments (diamonds) on a wide range of C3 land plant
species indicate that changes in carbon isotope fractionation per change in pCO2 (S,
h/ppmv) follow a continuous function of pCO2 (after Schubert and Jahren, 2012).
Data and references are provided in Table S1. Inset: The integral of this curve yields
a hyperbolic relationship between 13 C and pCO2 : 13 C = [(A)(B)( pCO2 + C)]/[A +
(B)( pCO2 + C)]; 68% conﬁdence interval of the hyperbolic curve is shown in gray
(after Cui and Schubert, 2016).

(2)

where pCO2(peak) is maximum pCO2 reached during the event and
pCO2(background) is the pCO2 immediately prior to the carbon release.  pCO2 is quantiﬁed using the following mass balance equation (modiﬁed from McInerney and Wing, 2011):

(−CIEmarine × Mbackground )
(δ 13 Cpeak − δ 13 Csource )

(3)

where k is the scaling factor that relates the total amount of carbon released to  pCO2 ; an Earth system modeling study (Panchuk
et al., 2008) suggests that the calculated  pCO2 for the PETM can
be approximated by Eqn. (3) assuming k = 0.30. Given that the
presumed rate of carbon emission may be smaller during the following hyperthermals, we assume k = 0.25 to 0.30 (with equal
probability).  pCO2 is therefore a function of the δ 13 C value of
the source (δ 13 Csource ), the magnitude of the event as recorded
by the non-photosynthetic marine records (CIEmarine ), the total
initial carbon inventory (Mbackground ), and the δ 13 C value at the
peak of the event (δ 13 Cpeak ). δ 13 Csource is assumed to be −60h
for a methane hydrate source (Dickens, 2011) and −26h for a
permafrost-thawing/organic matter source (DeConto et al., 2012;
Nordt et al., 2016; Panchuk et al., 2008). Other potential sources,
such as thermogenic methane (−30 to −45h; Frieling et al., 2016)
fall within this range.
The mass balance calculation of the amount of exogenic carbon
(i.e. methane vs. organic matter) released at each event is based in
part on the mass of the initial carbon inventory (Mbackground ; more
strictly, the combined ocean–atmosphere carbon inventory, which
is dominated by the ocean reservoir). Higher Mbackground will result
in a larger estimate of  pCO2 . The modern inventory of dissolved
2−
oxidized carbon in the ocean (HCO−
3 , CO3 , CO2 ) (Mbackground ) is
∼38,000 Gt C (Archer, 2007); however, values ranging from 31,200
(Panchuk et al., 2008; Cui et al., 2011; Heinz and Ilyina, 2015) to
34,000 Gt C (Zeebe et al., 2009) have been used in carbon cycle models of the Paleogene in order to match the observed wt.%
CaCO3 distribution on the seaﬂoor. Because of the large range of
values reported for Mbackground , we assume uniform distribution of
Mbackground (31,200 to 34,000 Gt C) in the calculation of  pCO2
using Eqn. (3). We note that this improved estimate of Mbackground
is signiﬁcantly smaller than the value used within Schubert and
Jahren (2013) (i.e., 50,000 Gt C). All else being equal, this decrease
in Mbackground leads to smaller estimates of  pCO2 (via Eqn. (3))
and smaller estimates of pCO2(background) and pCO2(peak) .
We can relate the difference between the CIE measured within
terrestrial and marine substrates (i.e., CIE, Eqn. (1)) to the additional fractionation by C3 land plants due to rising pCO2 , independent of any other co-occurring environmental change, using the
following equation (Schubert and Jahren, 2013):
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Fig. 2. Global distribution of sites with marine (black text) or terrestrial (Wyoming and China; red text) carbon isotope data across at least four of the ﬁve Early Eocene
hyperthermals (PETM, H1, H2, I1 and I2). Numbers: CIE magnitude for each hyperthermal event (see Table S3 for details and references); n.d.: no data; inc.: incomplete CIE
recovery. Paleogeography base map is from McInerney and Wing (2011) (after Scotese, 2010). (For interpretation of the references to color in this ﬁgure legend, the reader is
referred to the web version of this article.)

CIE =

[(A)(B)( pCO2(background) + C)]
[A + (B)( pCO2(background) + C)]
−

[(A)(B)( pCO2(peak) + C)]
[A + (B)( pCO2(peak) + C)]

(4)

where A, B and C are ﬁtting parameters to the regression curve,
their values and associated uncertainties are discussed below (after Cui and Schubert, 2016) (Fig. 1). We then simultaneously solved
Eqns. (2) and (4) for pCO2(background) and pCO2(peak) at each event
with  pCO2 determined via Eqn. (3) for the two sources and all
possible determinations of CIE (Eqn. (1)) (Table S2). In order to
account for the large uncertainties in quantifying CIE and  pCO2
at each event, we apply a Monte Carlo uncertainty assessment approach to the calculation of both pCO2(background) and pCO2(peak) .
2.2. Monte Carlo error assessment
Monte Carlo analysis has been used to quantify pCO2 using various proxies, including: paleosol carbonate (Breecker, 2013), stomata (Franks et al., 2014; Maxbauer et al., 2014), boron isotopes
(Martínez-Botí et al., 2015), and the C3 -plant proxy (Cui and Schubert, 2016). Here we follow the Monte Carlo approach described
within Cui and Schubert (2016) for the C3 -plant proxy in order
to propagate the uncertainty in our reconstructed pCO2 through
Equations (1)–(4) (using the software, “R”). The uncertainties for
the input parameters represent the 68% conﬁdence interval (±1σ ),
unless noted. The input parameters used to calculate pCO2 include curve ﬁtting parameters: A = 28.26 ± 0, B = 0.223 ± 0.028,
and C = (A ∗ 4.4)/((A − 4.4) ∗ B) (after Cui and Schubert, 2016);
δ 13 Cbackground = 0 ± 1h (Kump and Arthur, 1999); δ 13 Cpeak
(δ 13 Cpeak = δ 13 Cbackground + CIEmarine ); Mbackground = 31,200 to
34,000 Gt C (Cui et al., 2011; Heinz and Ilyina, 2015; Panchuk
et al., 2008; Zeebe et al., 2009); and δ 13 Csource = −60 ± 10h
(methane hydrate) and −26 ± 5h (permafrost thawing/organic
matter oxidation; −26h is the average δ 13 C value of 1471 measurements of terrestrial organic matter compiled for 60–55 Ma
within Nordt et al., 2016). All the errors of the input parameters
were assumed to be Gaussian distributed except for Mbackground
and k, which were assumed to be uniformly distributed. Values for

each input were randomly drawn from normal (or uniform) distributions deﬁned by the pre-determined means and standard deviations. 10,000 pCO2(background) (and pCO2(peak) ) values were calculated using 10,000 randomly generated sets of input values. The
reported pCO2(background) (and pCO2(peak) ) value is the median of
the 10,000 iterations, with the lower and upper errors representing
the 16th and 84th percentiles of the 10,000 iterations, respectively,
in order to construct the 68% conﬁdence interval. The positive error of the reconstructed pCO2(background) (or pCO2(peak) ) represents
the difference between the 84th percentile value and the median,
and the negative error represents the difference between the 16th
percentile value and the median.
2.3. Carbon isotope data compiled from marine and terrestrial sites
We compiled published marine and terrestrial carbon isotope
data from all sites that identiﬁed at least four out of the ﬁve early
Eocene hyperthermals. The resulting dataset included seven marine sites and two terrestrial sites (Fig. 2) (Table S3). The marine
sites represent six deep-sea locations and one shallow marine location (New Zealand) (Fig. 2). The two terrestrial sites are located
in the Bighorn Basin, Wyoming, USA (paleosol carbonate, Abels
et al., 2016) and Fushun Basin in Liaoning Province, North China
(bulk terrestrial organic matter, Chen et al., 2014). The magnitude
of each carbon isotope excursion (CIE) was calculated as the difference between the minimum δ 13 C value at the event and the
average δ 13 C values immediately prior to the CIE (Table S3).
3. Results
3.1. pCO2 reconstruction across ﬁve early Eocene hyperthermals
Using the high-resolution carbon isotope data compiled above,
up to 16 different values for CIE (Eqn. (1)) for each event could
be calculated based on the different combinations of pairing the
eight marine records (seven sites) with the two terrestrial records
(Table S2). At each event and for every possible pairing of CIEmarine
with CIEterrestrial , the magnitude of the CIE recorded from the terrestrial substrate was greater than that recorded within the marine
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substrate, consistent with an increase in C3 land plant carbon isotope fractionation in response to rising pCO2 (Schubert and Jahren,
2012, 2013). The range in CIE value determined using Eqn. (1) for
each hyperthermal event was large (Table S2), suggesting high conﬁdence that the best estimate of CIE for each event falls within
this range of calculated values. In no case was CIE (Eqn. (1))
positive, consistent with an underlying ampliﬁcation of terrestrial
relative to marine CIEs.
pCO2(background) and pCO2(peak) calculated for each of the ﬁve
early Eocene hyperthermals and two carbon release scenarios
(methane hydrate and permafrost-thawing/organic matter oxidation) are shown in Fig. 3. As expected based on the smaller
 pCO2 calculated for the methane scenario than the permafrostthawing/organic matter oxidation scenario (Eqn. (3)) and the hyperbolic shape of the pCO2 versus 13 C curve (Fig. 1), the analysis
yields signiﬁcantly lower pCO2(background) and pCO2(peak) estimates
for the methane hydrate scenario than the permafrost-thawing/organic matter oxidation scenario across all events (Fig. 3). For example, the reconstructed pCO2(background) across the ﬁve hyperthermals peaks at 463 +248/−131 ppmv for methane scenario and at
806 +127/−104 ppmv for permafrost-thawing/organic matter oxidation scenario. Although neither scenario can be discounted based
on these data and comparison with the other available proxy data
(Fig. 4), the early Eocene background pCO2 determined using the
permafrost-thawing/organic matter oxidation scenario is more consistent with the greenhouse conditions of the early Eocene than
that determined using the methane hydrate scenario.
On orbital timescales, the terrestrial CIE in both Bighorn Basin
and Fushun Basin can be correlated with marine CIE at Site
1262 and Site 1263 (Abels et al., 2016; Littler et al., 2014;
Zachos et al., 2010), therefore providing temporal constraints to
our pCO2 reconstruction. Such temporal constraints on the new
pCO2 estimates, which are generally lacking from other available proxy pCO2 data, allow for pCO2(background) and pCO2(peak)
to be compared across each of the ﬁve events (Fig. 4). These
results demonstrate that although pCO2(peak) varies considerably
from event to event, after each CIE, pCO2 returned to similar background levels prior to the onset of the next CIE. These
new pCO2 estimates suggest that the early Eocene experienced
background pCO2 < 3.5× preindustrial atmospheric levels (PAL:
∼280 ppmv) punctuated by geologically brief hyperthermals with
signiﬁcantly elevated pCO2 . The highest pCO2(peak) estimates were
calculated for the PETM, which yielded pCO2(peak) up to 1038
+187/−146 ppmv and 2117 +499/−345 ppmv for the methane
hydrate and permafrost-thawing/organic matter oxidation scenarios, respectively.
4. Discussion

from across a broader geographic extent could help to reduce uncertainty in reconstructed pCO2 , and independent proxy data for
local or regional environmental change (e.g., changes in hydroclimate) may help reduce bias in the pCO2 results (Abels et al., 2016;
Breecker, 2017). Below we discuss how each of these factors affect
CIEterrestrial and therefore the determination of pCO2(background) and
pCO2(peak) .
Records that produce a relatively small terrestrial CIE yield diminished CIE values, and therefore should result in the highest
estimates for pCO2(background) and pCO2(peak) . Indeed, systematically higher pCO2 values are calculated for the PETM when using
the terrestrial record from Wyoming (Fig. 3: combinations 2, 4, 6,
14, 16), which results from a relatively lower absolute CIEterrestrial
during the PETM at this site due to contemporaneous drying (e.g.,
Wing et al., 2005). In contrast, no evidence for drying has been
identiﬁed across the other four CIEs (Abels et al., 2016), and therefore no systematic biases in calculated pCO2 are observed for these
events when comparing results between different terrestrial sites.
Diagenesis and detrital organic matter input may also cause an
underestimation of CIEterrestrial measured in bulk organic matter
(relative to that measured using n-alkanes) (Baczynski et al., 2013).
At the PETM speciﬁcally, the magnitude of the CIE measured in
bulk soil organic matter has been shown to be diminished relative to that measured using n-alkanes as a result of differential
degradation rates across the event or allochthonous carbon input
(Baczynski et al., 2016). However, there is no evidence to suggest
that the terrestrial δ 13 Corg data from Chen et al. (2014) used here
for the PETM was inﬂuenced by differential degradation rates or
allochthonous carbon input, consistent with the large magnitude
CIE recorded at this site.
Pedogenic carbonate may overestimate plant CIEs because of
an increase in soil respiration rate due to increased temperature
(Abels et al., 2016; McInerney and Wing, 2011; Schubert and
Jahren, 2013). Consequently, the CIE magnitude measured in pedogenic carbonate (Big Horn Basin, Wyoming) is greater than that
measured in bulk terrestrial organic matter (Fushun Basin, China)
for H1, H2, I1, and I2, but not for the PETM. This is also consistent
with contemporaneous drying that occurred at the Bighorn Basin
site during the PETM, as suggested by independent paleobotanical evidence (Wilf, 2000; Wing et al., 2005). Fig. 5 illustrates how
the CIEterrestrial magnitude affects the calculated pCO2 estimates at
the PETM by comparing pCO2 determined using bulk organic matter from the Fushun Basin (Chen et al., 2014), pedogenic carbonate
from the Bighorn Basin (Abels et al., 2012), and plant lipids based
on global average compiled by McInerney and Wing (2011). As expected, the greatest magnitude CIEterrestrial (Fushun Basin) results
in the lowest background and peak pCO2 values and vice versa
(Fig. 5).

4.1. Terrestrial factors driving uncertainty in pCO2(background) and
pCO2(peak)

4.2. Effects of marine carbonate dissolution on determination of
pCO2(background) and pCO2(peak)

Determination of the isolated effect of pCO2 on CIEterrestrial is
complicated by the myriad of additional factors that may inﬂuence the CIE magnitude at a given site, including local changes
in water availability (Abels et al., 2016; Bowen et al., 2004;
Diefendorf et al., 2010); vegetation (Schouten et al., 2007; Smith
et al., 2007); sampling resolution, spatial heterogeneity, and diagenesis (Baczynski et al., 2013); and the substrate measured
(McInerney and Wing, 2011). The large range in CIE quantiﬁed
here for each event (Table S2) reﬂects this site-to-site variability and results in a large range in the calculated pCO2 at each
hyperthermal (Fig. 3). This large range exists despite a limited
number of terrestrial records that are all from northern midlatitudes sites, and may therefore impart a bias in our reconstructed pCO2 ensemble results. Incorporation of additional data

Across H1, H2, I1, and I2, benthic foraminifera suggest a larger
CIEmarine magnitude than that of bulk carbonate. As a result, the
benthic foraminifera yield relatively small estimates for CIE magnitude (Eqn. (1), Tables S2 and S3) and relatively large estimates
for  pCO2 (Eqn. (3)); thus, the bulk carbonate records result in
notably lower estimates for pCO2(background) and pCO2(peak) (combinations 5–16) compared to the benthic foraminifera records (combinations 1–4) (Fig. 3). The larger magnitude CIEmarine recorded in
benthic foraminifera is consistent with benthic foraminifera being less susceptible to diagenesis, source variation, bioturbation,
and “burn-down” effects than bulk carbonate (e.g. McCarren et al.,
2008; Tipple et al., 2010). As a result, benthic foraminifera might
be more representative of the atmospheric CIE and perhaps more
suitable for the calculation of pCO2(background) and pCO2(peak) .
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Fig. 3. Median pCO2(background) (left) and pCO2(peak) (right) for each of the ﬁve early Eocene hyperthermals (top to bottom: PETM, H1, H2, I1, H2) for two possible carbon
sources: methane hydrate (“methane”, blue circles) and permafrost organic matter (“OM”, red squares). Error bars are calculated as ±1σ . Values are numbered according to
the combinations of CIEmarine and CIEterrestrial listed in Table S2. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version
of this article.)
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Fig. 4. Background (A, C) (methane hydrate: blue ﬁlled circles; organic matter: red ﬁlled squares), and peak (B, D) pCO2 (methane hydrate: blue open circles, organic matter:
red open squares) determined for the early Paleogene hyperthermals, compared to seven other published proxies (gray symbols): the δ 13 C value of terrestrial organic matter
(triangles, n = 5, Cui and Schubert, 2016), stomatal index (squares, n = 21, Royer, 2014), paleosol carbonate (diamonds, n = 27, Royer, 2014), 17 O value of Ectocion bioapatite
(upside-down triangles, n = 8, Gehler et al., 2016), boron isotopes (circles, n = 1, Anagnostou et al., 2016), the revised stomatal index (“stomataBW,” cross symbols, n = 21,
Barclay and Wing, 2016), and nahcolite (gray box, n = 1, Jagniecki et al., 2015). All of the published proxy estimates (gray symbols) likely represent background conditions,
with the exception of pCO2 estimates based on the 17 O value of Ectocion bioapatite, which come from the PETM interval itself (Gehler et al., 2016). Colored symbols are
plotted using age option 2 of Westerhold et al. (2007). Gray symbols are plotted according to the ages reported in each respective study. Data plotted in this ﬁgure are
available in Table S4 and Table S5. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

Fig. 5. The effect of CIEterrestrial on pCO2(background) and pCO2(peak) for the PETM for two possible carbon sources: methane hydrate (blue circles) and organic matter (red
squares). Error bars are calculated as ±1σ . pCO2 is calculated using: 1) Fushun Basin Site in China (CIEterrestrial = −7.2 ± 0.4h, Chen et al., 2014); 2) Wyoming Basin Site
in US (CIEterrestrial = −6.5 ± 0.4h, Abels et al., 2012); and 3) global average plant lipid (CIEterrestrial = −5.1 ± 1.2h, McInerney and Wing, 2011). The CIEmarine used for all
three cases is the benthic foraminifera from Site 1263 (CIEmarine = −3.63h). All else being equal, the largest CIEterrestrial , yields the smallest pCO2(background) and pCO2(peak) .
(For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

The abundance of records available for the PETM, some of
which display reduced sedimentary carbonate content in response
to dissolution (Cramer, 2003; Lourens et al., 2005; Nicolo et al.,
2007; Galeotti et al., 2010; Stap et al., 2010; Zachos et al., 2010;
Sexton et al., 2011; Littler et al., 2014), provides a unique opportunity to investigate the effects of dissolution and recrystallization on CIEmarine (and thus pCO2(background) and pCO2(peak) ). It
has been demonstrated that the degree of dissolution is dependent
on the paleodepth: the deeper the water the more the dissolution
(McCarren et al., 2008). For example, δ 13 C records from Site 1262

(paleodepth: 3600 m) at Walvis Ridge are truncated by seaﬂoor
dissolution, resulting in a 2h smaller magnitude benthic CIE than
that at Site 1263 (paleodepth: 1500 m) (McCarren et al., 2008).
Geographic patterns of dissolution are also evident, with the Atlantic Ocean being affected by dissolution more than other ocean
basins (Zachos et al., 2005; Zeebe and Zachos, 2007), possibly due
to the reversed ocean circulation pattern compared to the modern (Zeebe and Zachos, 2007; Nunes and Norris, 2006). The effect
of dissolution is to diminish CIEmarine , leading to lower values for
pCO2(background) and pCO2(peak) . Fig. 6 shows the effect of dissolu-
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Fig. 6. The effect of dissolution on pCO2(background) and pCO2(peak) for the PETM for two possible carbon sources: methane hydrate (blue circles) and organic matter (red
squares). Error bars are calculated as ±1σ . pCO2 is calculated using: 1) benthic foraminifera from Site 1262 (CIEmarine = −2.03 ± 0h), which shows signiﬁcant dissolution (McCarren et al., 2008; Zachos et al., 2005); 2) global benthic foraminifera average based on McInerney and Wing (2011) (CIEmarine = −2.5 ± 1.0h); and 3) benthic
foraminifera from Site 1263 (CIEmarine = −3.63 ± 0.08h) and shows no evidence for dissolution. The CIEterrestrial used for all three cases is based on plant lipid from McInerney
and Wing (2011) (CIEterrestrial = −5.1 ± 1.2h). All else being equal, dissolution, which is manifested as a smaller magnitude CIEmarine , yields the smallest pCO2(background) and
pCO2(peak) . (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

tion on the pCO2 reconstruction, as a sensitivity analysis comparing Site 1263 and Site 1262 at Walvis Ridge. Assuming the true
terrestrial CIE at the PETM is equal to the global plant lipid average from McInerney and Wing (2011), the reconstructed pCO2
is about two-fold higher using CIEmarine based on Site 1263 (no
evidence for dissolution) than using CIEmarine based on Site 1262
(evidence for dissolution) (Fig. 6). Also shown for comparison is
the reconstructed pCO2 using a global benthic foraminifera average compiled by McInerney and Wing (2011). Because the global
average is calculated based on both shallow and deep sites, and
some sites may be inﬂuenced by dissolution, the resulting pCO2
falls between these two end member examples (Fig. 6). Based on
this analysis, we suggest that sites lacking evidence for dissolution
are best suited for reconstructing pCO2 and that dissolution may
lead to erroneously low pCO2 estimates.
The potential for signiﬁcant dissolution is likely less for H1,
H2, I1 and I2 compared to the PETM because the carbon input
into the ocean–atmosphere system is smaller. Support for this is
provided by the similar magnitudes of the benthic CIEs at sites
1263 (shallow) and 1262 (deep) for the latter hyperthermals (Table S3). Signiﬁcant differences are observed, however, between
the CIE magnitude determined using benthic foraminifera versus
bulk carbonate at Site 1262: benthic foraminifera show 0.2 to
0.7h larger CIE magnitudes than bulk carbonate during H1 to
I2 (Zachos et al., 2010; Stap et al., 2010; Littler et al., 2014;
Lauretano et al., 2015). The larger benthic CIE at Site 1263 may
be due to stratiﬁcation, which leads to the lack of bioturbation
and Mn remobilization (Chun et al., 2010). Bottom water is anoxic
due to the loss of oxygen through decomposition of organic matter
by microorganisms. The CO2 generated from this process is 13 Cdepleted, potentially leading to the magniﬁed CIE signal at this
site. The water column structure could be affected by increasing temperature (Bolton et al., 2016), which acts to increase the
remineralization rate, and might also lead to a larger CIE at this location. On the other hand, bulk carbonate CIE magnitudes recorded
in Mead and Dee Stream may be diminished as a result of recrystallization (Nicolo et al., 2007; Slotnick et al., 2012).
4.3. Comparison to other proxies
Using the above approach towards reconstructing pCO2 has a
unique advantage of the pCO2 estimate being tied directly to the
event, and includes both background and peak pCO2 , whereas
age uncertainty of other proxies generally does not allow for the
pCO2 estimate to be directly tied to the full extent of a hyperthermal. As shown in Fig. 4, seven proxies have been used

to reconstruct pCO2 between 60 and 50 Ma. These include C3
plant proxy (Cui and Schubert, 2016), stomatal index (Royer, 2014;
Barclay and Wing, 2016), paleosol carbonate (Cerling, 1992; Hyland and Sheldon, 2013; Koch et al., 1992; Royer et al., 2001;
Sinha and Stott, 1994), 17 O (Gehler et al., 2016), boron isotopes
(Anagnostou et al., 2016), and the nahcolite proxy (Jagniecki et
al., 2015). The ranges of pCO2 reconstructed using each approach
are widespread, but generally show pCO2 = 100–816 ppmv in the
late Paleocene to early Eocene (∼60 to 53 Ma), followed by an increase in pCO2 (300–1700 ppmv) during the EECO (52 to 50 Ma)
(Fig. 4). Overall, our reconstructed background pCO2 values using
both methane (Fig. 4A) and organic matter (Fig. 4C) scenarios are
consistent with the ranges of values suggested by all seven other
proxies at various resolutions; however, the maximum pCO2 during each hyperthermal event can also be recognized using this approach (Fig. 4B, D). It is interesting to note that prior to the EECO,
only during the hyperthermals might pCO2 exceed 1000 ppmv, a
phenomenon also captured by the 17 O proxy, which spans the
PETM interval (Gehler et al., 2016).
These results highlight: 1) the need for careful selection of δ 13 C
records when calculating pCO2 using this method, and 2) awareness of any systematic biases in the calculation of CIE (Eqn. (1))
and  pCO2 (Eqn. (3)). Including uncertainty in our pCO2 estimates, which results primarily from uncertainty in CIE (Eqn. (1))
and  pCO2 (Eqn. (3)), our analysis suggests that pCO2 remained
< ∼1000 ppmv during the earliest Eocene, with the exception of
possibly higher values during the geologically brief hyperthermal
events (Fig. 4). pCO2 did not increase signiﬁcantly until after I2
(53.55 Ma), leading into the EECO (52 to 50 Ma).
5. Conclusions
The pCO2 data reported here are the ﬁrst pCO2 proxy estimates for the Eocene hyperthermals. It has been suggested that
orbital changes in insolation during the early Eocene may have
triggered the destabilization of methane hydrates (Dickens, 2011;
Lunt et al., 2011; Nicolo et al., 2007) or triggered decomposition of
soil organic carbon in permafrost (DeConto et al., 2012). Although
our dataset cannot rule out either scenario, the higher background
pCO2 required for the permafrost-thawing/organic matter oxidation scenario is more consistent with the early Eocene greenhouse climate, yet both scenarios suggest that background pCO2
was likely less than 1000 ppmv (Fig. 3). Background pCO2 does
not show any signiﬁcant trends across the study period (Fig. 3),
consistent with other pCO2 proxy estimates and the temperature
reconstruction based on oxygen isotopes of benthic foraminifera
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(Lauretano et al., 2015) and bulk carbonate (Littler et al., 2014);
however, global ocean temperatures and pCO2 both increase signiﬁcantly after 53 Ma (Jagniecki et al., 2015; Lauretano et al.,
2015; Anagnoustou et al., 2016). Our results conﬁrm earlier work
that use of data from an individual site (e.g., Bighorn Basin) can
yield systematic bias in the reconstructed pCO2 , and this bias can
be compensated by local environmental effects, such as concurrent changes in mean annual precipitation (Abels et al., 2016).
When compiling data across multiple sites we see that sampling
resolution, substrate type, diagenesis, and environmental change
may all lead to systematic bias that can make identiﬁcation of
trends in background pCO2 diﬃcult. During the PETM, peak levels of pCO2 may have reached as high as ∼2600 ppmv (permafrost/organic matter scenario) or ∼1200 ppmv (methane scenario), with signiﬁcantly lower pCO2(peak) levels reached for H1,
H2, I1, and I2 (Fig. 3). High Earth system climate sensitivity has
been suggested for the largely ice-free middle Eocene with moderate pCO2 (351–523 ppmv based on Maxbauer et al., 2014).
Proxy data from the SW Paciﬁc suggests relatively cooler conditions from the late Paleocene into the earliest Eocene (Pancost et
al., 2013), consistent with the more moderate pCO2 levels reconstructed here. Likewise, a global compilation of δ 18 O data measured on marine carbonate suggests nearly uniform background
temperatures from the PETM through I2 (56 to 53.55 Ma), with
signiﬁcant warming occurring later during the EECO (Zachos et
al., 2008). Several models require pCO2 > 2000 ppmv in order to
simulate the radiative forcing necessary to match the warmth of
the early Eocene (Huber and Caballero, 2011; Shellito et al., 2009;
Winguth et al., 2010); however, more recent modeling work that
included contributions from changes in the physical properties of
clouds suggests only moderately high pCO2 (∼560 ppmv), similar
to that quantiﬁed here for the permafrost-thawing/organic matter oxidation scenario, is required to match early Eocene warmth
(Sagoo et al., 2013). Together, these results indicate background
pCO2 less than ∼3.5× PAL during the early Eocene greenhouse
climate and suggest an important role for climate feedbacks in
maintaining early Eocene warmth.
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